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Abstract

The Ordovician-Silurian transition (~ 455-430 Ma) is characterized by repeated climatic
perturbations, concomitant with major changes in the global oceanic redox state best exem-
plified by the periodic deposition of black shales. The relationship between the climatic evo-
lution and the oceanic redox cycles, however, remains largely debated. Here, using an ocean-
atmosphere general circulation model accounting for ocean biogeochemistry (MITgcm), we
investigate the mechanisms responsible for the burial of organic carbon immediately before,
during and right after the latest Ordovician Hirnantian (445-444 Ma) glacial peak. Our re-
sults are compared with recent sedimentological and geochemical data. We show that the late
Katian time slice (~ 445 Ma), typified by the deposition of black shales at tropical latitudes,
represents an unperturbed oceanic state, with regional organic carbon burial driven by the
surface primary productivity. During the Hirnantian, our experiments predict a global oxy-
genation event, in agreement with the disappearance of the black shales in the sedimentary
record. This suggests that deep-water burial of organic matter may not be a tenable trigger-
ing factor for the positive carbon excursion reported at that time. Our simulations indicate
that the perturbation of the ocean circulation induced by the release of freshwater, in the con-
text of the post-Hirnantian deglaciation, does not sustain over sufficiently long geological
periods to cause the Rhuddanian (~ 444 Ma) oceanic anoxic event. Input of nutrients to the
ocean, through increased continental weathering and the leaching of newly-exposed glacio-
genic sediments, may instead constitute the dominant control on the spread of anoxia in the

early Silurian.

1 Introduction

For more than 25 million years (~ 455-430 Ma), the Late Ordovician-early Silurian
underwent periodic episodes of massive organic matter burial, as testified by the abundant
black shale record [Cramer and Saltzman, 2007a; Page et al., 2007; Armstrong et al., 2009;
Le Heron et al., 2009, 2013; Melchin et al., 2013]. These sedimentary rocks, which include
a variety of dark-colored, fine-grained organic-rich lithologies [Arthur, 1979; Trabucho-
Alexandre et al., 2012], represent perennial organic carbon burial and sequestration in the
oceanic sediments under oxygen-depleted depositional settings. Given the amplitude of
these events, some authors [Page et al., 2007; Melchin et al., 2013] propose that they may
have been comparable to the widely documented Mesozoic Oceanic Anoxic Events [OAE:s,

Schlanger and Jenkyns, 2007; Jenkyns, 2010], although the significantly longer duration
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of the early Paleozoic OAEs remains difficult to explain (2-3 Myr at least, see Page et al.,
2007 and Melchin et al., 2013 , compared to 600 kyr to 900 kyr for the Cretaceous OAE2,
see Sageman et al., 2006 ) and the concomitant deposition of anoxic sediments in the deep

ocean debated due to the non-preservation of pre-Mesozoic ocean bottom sediments.

Despite a comprehensive analysis of combined sedimentological and geochemical
data [e.g., Finney et al., 1999; Brenchley et al., 2003; Kump et al., 1999; Trotter et al., 2008;
Hammarlund et al., 2012; Melchin et al., 2013], major uncertainties persist about the physi-
cal mechanisms that drove the Ordovician-Silurian oxic-anoxic cycles and associated periods
of black shale deposition, thus hampering our overall understanding of the coupled Early
Paleozoic climate changes and faunal turnovers [Harper et al., 2013a; Trotter et al., 2016].
The relationships between global climate and oceanic redox conditions, in particular, remain

largely debated.

Several conceptual models of oceanic cycles were proposed in the past to explain the
changes in lithology, biology and carbon isotope stratigraphy during the early Silurian [Jepps-
son, 1990; Bickert et al., 1997; Cramer and Saltzman, 2005]. The seminal model of Jepps-
son [1990], in particular, suggests the alternation between 2 oceanic states. Black shales
form in both of theses climatic modes, but the locus of organic burial differs. Primo (P)
episodes correspond to cold periods. The ocean bottom is intensively ventilated by cold,
oxygenated water masses originating from the zones of deep convection situated at polar
latitudes. As a consequence the deep ocean is devoid of black shales. At tropical latitudes,
the weathering of the extended Ordovician shelf platforms exposed during the sea-level low-
stand promotes the delivery of nutrients to the ocean, fueling the primary productivity and
inducing the deposition of black shales on the shelf. Conversely, the warmer climate prevail-
ing during the Secundo (S) episodes promotes the stratification of the ocean. The ventilation
of the ocean interior is reduced. The ocean bottom is depleted in dissolved oxygen and or-
ganic carbon is buried at depth. At low-latitudes, arid conditions prevail. The flux of detrital
sediments — and thus nutrients — to the ocean is reduced and the shelf platforms experience

extensive reef growth.

The P-S model stimulated vigorous scientific discussion [Cramer and Saltzman, 2005,
2007a,b; Loydell, 2007, 2008; Trotter et al., 2016; Munnecke et al., 2010]. Nevertheless, sev-
eral published studies suggest that the proposed alternation between P and S episodes does

not satisfactorily capture the lithological and geochemical changes documented in the sedi-
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mentary record [Kaljo et al., 2003; Johnson, 2006; Trotter et al., 2016]. In addition, the pre-
vious conceptual models do not permit any spatialized investigation of the redox state of the
ocean. Above all, they are not grounded in physical paleoceanography, which remains highly

speculative in the Early Paleozoic [Servais et al., 2014].

Here, we apply an up-to-date ocean general circulation model to study the coupling
between climate and ocean biogeochemistry in the Early Paleozoic. Building on the compre-
hensive Late Ordovician-early Silurian black shale occurrence compilation of Melchin et al.
[2013], we investigate geological events able to explain the deposition of black shales and
propose driving mechanisms for the redox changes reported immediately before, during and
right after the latest Ordovician Hirnantian, from the late Katian to early Silurian Rhudda-
nian. This time interval includes the Hirnantian glacial maximum [Denis et al., 2007; Ghi-
enne et al., 2007; Loi et al., 2010] and associated mass extinction event [Sheehan, 2001; Ras-
mussen and Harper, 2011; Harper et al., 2013b,a], and ultimately constitutes an outstanding
window into the coupled climatic, paleoceanographic and biotic perturbations reported for
the remainder of the Early Paleozoic Ice Age [Page et al., 2007; Trotter et al., 2016; Vanden-

broucke et al., 2015].

Following a description of our experimental setup (Sect. 2), we run our model under
a large range of external forcing levels in order to simulate the various climatic conditions
reported throughout the studied period of time (Sect. 3). Then, we use these climatic results
to investigate the mechanisms driving the patterns of marine biogeochemistry reported by
Melchin et al. [2013] in each of their three studied time slices: (i) the late Katian (Sect. 4);
(ii) the mid-Hirnantian (Sect. 5); and (iii) the early Silurian Rhuddanian (Sect. 6). In the 7'"
section, we discuss the limitations and simplifications associated with our modeling setup

and identify future research targets. Finally, we summarize our key findings (Sect. 8).

2 Methods
2.1 Model description
2.1.1 Ocean, sea ice, atmosphere and land

We use a global ocean-atmosphere coupled setup of the MITgcm. Isomorphisms be-
tween the equations that govern the atmosphere and the ocean are exploited to allow a sin-
gle hydrodynamical core to simulate both fluids [Marshall et al., 2004]. The oceanic and

the atmospheric components use the same horizontal model grid, greatly simplifying their
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coupling. We adopt the conformally expanded spherical cube [Adcroft et al., 2004], with

32 x 32 points per face (CS32) — providing a mean equatorial resolution of 2.8° x 2.8°. The
cubed sphere provides a relatively even grid spacing throughout the domain and avoids po-
lar singularities, thus allowing accurate simulation of the polar regions. This is especially
appropriate to investigate the ocean circulation during the Ordovician, when the Northern
Hemisphere was 95 % oceanic with no continental masses present beyond the mid-latitudes.
The oceanic component of the model is a state-of-the-art ocean general circulation model
(OGCM) rooted in the incompressible, Boussinesq form of the Navier-Stokes equations
[Marshall et al., 1997a,b]. Here we use an hydrostatic, implicit free-surface, partial step to-
pography [Adcroft et al., 1997] formulation of the model to simulate the global ocean do-
main. 28 layers are defined vertically, the thickness of which gradually increases from 10 m
at the ocean surface to 1300 m at the bottom, with 18 levels defining the upper 1000 m of the
water column. Effects of mesoscale eddies are parametrized as an advective process [Gent
and McWilliams, 1990] and an isopycnal diffusion [Redi, 1982]. The nonlocal K-Profile Pa-
rameterization (KPP) scheme of Large et al. [1994] accounts for vertical mixing processes in
the ocean’s surface boundary layer and the interior. Sea ice is simulated using a thermody-
namic sea-ice model based on the 3-layer enthalpy-conserving scheme of Winton [2000]. Sea
ice forms when the ocean temperature falls below the salinity dependent freezing point. The
physics of the atmospheric component is based on SPEEDY (Simplified Parametrizations,
primitivE-Equation DYnamics, Molteni, 2003 ). The latter comprises a four-band longwave
radiation scheme (one for the atmospheric “window”, a CO, band with transmissivity tuned
to the present-day atmospheric partial pressure of CO, (pCO;) and the other two bands for
the spectral regions of absorption by water vapor), a parametrization of moist convection,
diagnostic clouds, and a boundary layer scheme. In the vertical dimension, SPEEDY uses 5
levels. The top and bottom layers respectively represent the stratosphere and the planetary
boundary layer. The layers in between account for the free troposphere. SPEEDY has been
shown to require at least one order of magnitude less computation time that contemporary
state-of-the-art atmospheric GCMs, while providing realistic climate results [Molteni, 2003].
Our configuration of the MITgcm also includes a simple, 2-layer land model. No explicit
river model is included: the amount of water that exceeds the field capacity of the soil in a
given grid point is directly transferred to the ocean following a prescribed mapping. No flux
corrections are applied in any of our experiments. The resulting coupled model can be inte-

grated for ~ 100 years in 1 day of dedicated computer time. Relatively similar configurations
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of the MITgcm were used in the past [Marshall et al., 2007; Enderton and Marshall, 2009;
Ferreira et al., 2010, 2011; Brunetti et al., 2015], including for paleoceanographic purposes
[Brunetti et al., 2015]. A comprehensive description of the coupled model is provided by

Enderton [2009].

2.1.2 Marine biogeochemistry

The biogeochemistry model included in the present configuration of the MITgcm ex-
plicitly accounts for oxygen concentration and primary productivity in the ocean. Following
Michaelis-Menten kinetics, and similar to McKinley et al. [2004], the net marine primary
productivity (NPP) is computed as a function of available photosynthetically active radiation

(PAR) and phosphate concentration (POj),

PAR POy

NPP =«
PAR + Kpagr PO4 + Kp04

)

where @ = 2 x 107> mol.m=3.yr™! is the maximum community productivity, Kpag = 30 W.m ™2

the half saturation light constant, and Kpo, = 5 x 10™* mol.m™? the half saturation phosphate
constant. Two thirds of the biological production remains suspended in the water column as
dissolved organic phosphorus (DOP), which remineralizes back to phosphate following an
e-folding time scale of 6 months [Yamanaka and Tajika, 1997]. The remainder of the bio-
logical production sinks to depth as particulate organic phosphorus (POP) and remineralizes
according to the empirical power law of Martin et al. [1987]. The oceanic residence time of
phosphate is estimated between 10 and 40 kyrs [Ruttenberg, 1993; Wallmann, 2003], much
longer than the oceanic turnover time scale. The globally-averaged oceanic phosphate con-
centration is therefore fixed in the model, riverine and atmospheric sources are not repre-
sented, and sedimentation is not allowed [Dutkiewicz et al., 2005]. Phosphate is consumed
to fuel the marine primary productivity in the photic zone, regenerated by remineralization
in the water column and ultimately advected-diffused by the global ocean circulation back to
the ocean surface in upwelling zones. In the present set-up, phosphate constitutes the single
limiting nutrient. Iron is known to significantly constrain primary productivity as well [e.g.,
Falkowski, 2012]. It is essentially supplied to the ocean through atmospheric deposition of
mineral dust originating from deserts. Present-day iron dust emissions and flux, however, re-
main difficult to quantify [e.g., Bryant, 2013]. Reconstructing their Early Paleozoic counter-

parts is challenging, notably implying major assumptions on the land-surface typology. Al-
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though our biogeochemistry model does have the provision for explicitly representing cycling
of iron, we therefore choose not to consider iron fertilization in the present study. Oxygen is
exchanged at the ocean-atmosphere interface following Garcia and Gordon [1992] and re-
distributed within the ocean using the velocity and diffusivity fields provided by the general
circulation model. The fate of O,, i.e., transformation to and from organic form, is also tied
to that of phosphorus through fixed Redfield stoichiometry. The PAR is defined at the sur-
face of the ocean as the fraction of the incident shortwave radiation that is photosynthetically
available. It is then attenuated as it travels through the water column assuming a uniform ex-
tinction coefficient. The shortwave radiation is provided by the atmospheric component of
our coupled climate model. Similar configurations of the biogeochemistry model were used

in the past [e.g., Friis et al., 2006, 2007].

2.2 Boundary and initial conditions

Because the geological events under study occurred over a duration that is lower than
the temporal resolution of current paleogeographical reconstructions, we use a single conti-
nental configuration to simulate climate throughout the whole Ordovician—Silurian boundary.
We use the Late Ordovician paleogeography from Torsvik and Cocks [2009]. The topography
and bathymetry are reconstructed based on studies for Gondwana [7orsvik and Cocks, 2013],
Laurentia [Cocks and Torsvik, 2011], Baltica [Cocks and Torsvik, 2005], Siberia [Cocks
and Torsvik, 2007] and for modern Asia [Cocks and Torsvik, 2013]. Because the location
of ocean ridges is highly speculative in the Ordovician, they are not included in our recon-
struction (i.e., we prescribe a flat bottom). The resulting map (Fig. 1), given in input to the
model, is identical to the one used by Pohl et al. [2016a, their Fig. 2a]. Because vegetation
was restricted to non-vascular plants during the Ordovician [Steemans et al., 2009; Rubin-
stein et al., 2010], the spatial cover of which is difficult to estimate and largely debated [e.g.,
Porada et al., 2016; Heckman et al., 2001; Edwards et al., 2015], we follow previous stud-
ies [Nardin et al., 2011; Pohl et al., 2014, 2016a,b] and impose a rocky desert on continents
(prescribed ground albedo of 0.24, which is modified by snow if present). The orbital con-
figuration is defined with an eccentricity of 0° and an obliquity of 23.45°. The same initial
conditions are used in all simulations. The temperature distribution is defined by a theoreti-
cal latitudinal temperature gradient, characterized by equatorial and polar ocean surface tem-
peratures of respectively 35 °C and 6 °C, and an ocean bottom initial potential temperature

of 3 °C. Ocean is therefore sea-ice free at the beginning of each simulation. A uniform initial
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salinity of 35 psu (practical salinity units) is imposed over the whole domain. Phosphate and
oxygen in the ocean are initialized with present-day depth profiles and DOP is null at the be-
ginning of the simulation. Reconstructions of the Ordovician atmospheric partial pressure of
oxygen (pO,) lead to scattered values. Bergman et al. [2004] and Berner [2006, 2009], using
models of biogeochemical cycling, propose values between respectively 0.2 to 0.6, and 0.72
to 0.95 times the present-day level. Algeo and Ingall [2007] estimate, by inversion of the
Phanerozoic C,,,:P curve, that the Ordovician pO, was between 0.61 and 0.8 times the cur-
rent level. Given the large uncertainty in these reconstructions, the atmospheric oxygen par-
tial pressure is kept to its present-day level in the model, and sensitivity tests are conducted
for pO, values ranging between 0.2 and 0.8 times the current value in order to cover the large
uncertainties in estimates for the Ordovician. It is noteworthy that in those tests, the changes
in pO, only affect the ocean-atmosphere gas exchange. They do not alter the radiative fluxes
as proposed in the recent study by Poulsen et al. [2015]. Our coupled ocean-atmosphere-sea-
ice-land-surface model (see Sect. 2.1.1) is first run until deep-ocean equilibrium is reached
(= 2000 years). It is subsequently restarted with the biogeochemistry module (Sect. 2.1.2)
for at least 550 additional years (1550 for the sensitivity tests using a reduced pO,, since the
initial (present-day) oxygen concentration significantly differs from the equilibrium state in
these runs), the last 50 years of which are used to build the climatology files used for analysis

(Fig. S1).

3 Climatic simulations

Here we simulate various climate states (Sect. 3.1), and subsequently select the model

outputs that best reflect the climatic conditions prevailing during each of the three time slices

used in the black shale compilation of Melchin et al. [2013]: the late Katian, the mid-Hirnantian

and the early Silurian Rhuddanian (Sect. 3.2).

3.1 Model results

The atmospheric component of our model, SPEEDY, does not account for varying
pCO, levels. The radiative code is parametrized to reproduce present-day-like greenhouse
gas concentration (see Sect. 2.1.1). The simulation of different climatic conditions is thus
achieved by varying the solar forcing in the model [e.g., Ferreira et al., 2011]. Results are

displayed in Fig. 2. Simulated tropical sea-surface temperatures (SSTs) linearly decrease
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Figure 1. Late Ordovician-early Silurian continental reconstruction interpolated on the MITgcm cubed-
sphere grid: AAC: Arctic Alaska-Chukotka; KO: Kolyma-Omolon; A: Avalonia; T: Tarim; NC: North China;

SC: South China; An: Annamia. Ocean names are in italic.
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Figure 2. Climate results. (A): Mean annual tropical (30° S - 30° N) sea-surface temperatures as a function
of the solar forcing level. We here represent the tropical sea-surface temperatures (SSTs), instead of the global
surface air temperatures, because Ordovician and Silurian isotopic data are gathered in locations situated at
low paleolatitudes. As a consequence they exclusively report variations in tropical SSTs, which thus constitute
the most straightforward variable for any model-data comparison [e.g., Trotter et al., 2008; Finnegan et al.,
2011]. The colored strips identify the simulations selected throughout this study to investigate the mecha-
nisms governing the deposition of black shales in the 3 time slices documented by Melchin et al. [2013]: the
late Katian (red), the mid-Hirnantian (green) and the early Rhuddanian (red as well). The Hirnantian glacial
state is shown for comparison (blue), but the associated model run is not analyzed in detail in this study.
Please note that the colors of the strips correspond to the colors of the lines drawn in subplot B. (B): Mean

annual latitudinal sea-ice fraction simulated at various solar forcing levels.
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with the external forcing level, except between 345 W.m™2 and 344 W.m™2. At this point, a

decrease of 1 W.m~? induces a large drop in tropical SST of 7.6 °C (Fig 2A).

Pohl et al. [2014] studied the response of the Ordovician climate system to a decrease
in pCO,. They demonstrated, using the FOAM climate model [Jacob, 1997] and Blakey’s
[2016] Late Ordovician continental reconstruction, that there is a radiative forcing level
(~ 2240 ppm CO,) beyond which Ordovician climate suddenly shifts from a warm state with
limited sea-ice extent in the Northern Hemisphere, to a much colder state characterized by
the sudden extension of the sea ice to the mid-to-tropical latitudes. Building on previous
work investigating the presence of multiple equilibria in aquaplanets [Rose and Marshall,
2009; Ferreira et al., 2011], they demonstrated that this climatic instability results from
the absence of meridional continental boundaries in the Ordovician Northern Hemisphere.
These conditions limit the ocean heat transport to the pole and facilitate the growth of large
sea-ice caps. In our study, a similar climatic behavior is obtained. The large cooling simu-
lated between 345 W.m™2 and 344 W.m~? is due to the ice-albedo positive feedback associ-

ated with the spread of sea ice [Fig. 2B, see Pohl et al., 2014].

3.2 Simulating Katian, mid-Hirnantian and early Silurian climate

Over the last decade, prominent insights into the Ordovician-Silurian climatic fluctua-
tions were independently provided by Trotter et al. [2008, 2016] and Finnegan et al. [2011].
Based respectively on tropical 6'®0yparire and A*’CO, data, they reconstructed temperature
trends similar to the 6'30p,4c1,- and §'80y,, ¢ -derived SSTs published a decade prior [Long,
1993; Brenchley et al., 1994, 1995, 2003], except that the SST values calculated from these
new proxy data fall within an acceptable modern-like SST range, significantly contrasting
with the unlikely previous ocean temperature estimates of up to ~ 70 °C. Trotter et al. [2008]
and Finnegan et al. [2011] notably demonstrated a sudden, sharp drop in tropical SSTs by
~ 7 °C during the latest Ordovician Hirnantian (445-444 Ma). They also suggested that Or-
dovician climate was relatively warm before the Hirnantian, with Katian (~ 450 Ma) tropi-
cal SSTs ranging between ~ 30 °C [Trotter et al., 2008] and 35 °C [Finnegan et al., 2011].
Among the various climate states simulated in this study (see Fig. 2), the simulation with a
solar forcing of 350 W.m™2 is characterized by a mean tropical SST of 32.5 °C. In the follow-
ing, we consider this simulation as representative of the Katian climate state documented by

most recent studies [Trotter et al., 2008; Finnegan et al., 2011, Fig. 2A].

—10-



280 Following the relatively warm late Katian period, the latest Ordovician Hirnantian

281 (445-444 Ma) glacial peak is typified by a sudden global climate cooling [Trotter et al., 2008;
282 Finnegan et al., 2011] and the growth of a continental-scale ice-sheet over the South Pole

283 [Denis et al., 2007; Ghienne et al., 2007; Le Heron and Craig, 2008; Loi et al., 2010]. Dur-
284 ing the mid-Hirnantian [upper extraordinarius-lower persculptus Zone, sensu Melchin et al.,
285 2013], the land-ice front temporarily retreats over Gondwana [Sutcliffe et al., 2000; Loi et al.,
286 2010; Moreau, 2011] and tropical SSTs increase back [Finnegan et al., 2011; Melchin et al.,
287 2013], which lead some authors to consider this event as an interglacial [Denis et al., 2007,
288 Ghienne et al., 2007; Loi et al., 2010; Young et al., 2010; Moreau, 2011; Melchin et al.,

289 2013]. Pohl et al. [2014] proposed that the non-linear Ordovician temperature response,

290 simulated in this study when decreasing solar luminosity from 345 W.m2 to 344 W.m2,

291 may provide an explanation to the otherwise enigmatic sudden Hirnantian climate cooling.

202 This hypothesis suggests that the simulation conducted at 344 W.m™2 may be the most rep-

203 resentative of the Hirnantian climate. Although this very cold state may adequately repre-
204 sent the periods of Hirnantian glacial advance, we here focus on the mid-Hirnantian inter-
205 glacial when climate was significantly warmer as testified by the retreat of the ice front in

296 North Africa and in the Middle East [e.g., Ghienne et al., 2007; Moreau, 2011]. We there-

207 fore consider that the simulation at 345 W.m™? best reflects the climatic conditions prevailing
208 during the mid-Hirnantian interglacial (Fig. 2A). The annual-mean, globally-averaged sur-

299 face air temperature in this model run is 17.1 °C, compared to 23.4 °C at 350 W.m™2. From
300 a radiative point of view, a halving of the atmospheric CO, concentration corresponds to a

301 radiative perturbation of —3.7 W.m2 at the top of the atmosphere [Myhre et al., 1998]. The
a02 decrease in solar luminosity accounting for the Hirnantian climate cooling in our simulations
303 (from 350 W.m™2 to 345 W.m?) is therefore equivalent to a decrease of pCO, by a factor

a04 2.7, or equally to a decline of pCO; from 8 PAL (or 12 PAL) during the late Katian to 3 PAL

a5 (4.5 PAL). The magnitude of this decrease in radiative forcing is in reasonable agreement
a06 with the estimates recently proposed by Pohl et al. [2016b]. Using an innovative coupling
307 method between climate models and an ice-sheet model, they conducted the first simulation
a08 of Ordovician land-ice growth that is supported by the geological record. In their models,

309 best match with data is obtained between 8 PAL and 12 PAL during the late Katian, and at
810 3 PAL during the Hirnantian (see their Fig. 9). We emphasize that we do not investigate the
ant climatic impact of the growth of the Hirnantian ice sheet over the South Pole in the present

a12 study but identify this as a target for the future.

—11-
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The latest Hirnantian-early Rhuddanian period is characterized by the continental-scale
decay of the Gondwana ice sheet [Finnegan et al., 2011; Moreau, 2011; Denis et al., 2007,
Loi et al., 2010; Le Heron et al., 2009]. Trotter et al.’s (2008) data do not extend into the Sil-
urian, thus hampering any appraisal of the climatic conditions relative to Mid-Ordovician
levels. The clumped-isotope analysis of Finnegan et al. [2011], however, suggests that tropi-
cal SSTs rapidly rise in the aftermath of the Hirnantian glacial peak and reach pre-Hirnantian
levels as early as the latest Hirnantian (~ 35 °C). This value is supported by the Telychian
(~ 435 Ma) estimate of 34.9 + 0.4 °C reported by Came et al. [2007] in a previous study on
Anticosti Island. We therefore assume that the solar forcing level chosen previously to study

the Katian (350 W.m™2) satisfactorily represents the Rhuddanian time slice as well (Fig. 2A).

4 The late Katian

In the compilation of Melchin et al. [2013], black shale deposition in the late Katian
occurred mainly at tropical to subtropical paleolatitudes on the western margin of the equa-
torial landmasses. On the contrary, the northern margin of Gondwana and the platforms sur-
rounding Baltica were typified by oxic deposits (see Fig. 3A). Here we examine the simu-
lation conducted at 350 W.m™? in order to disentangle the respective contributions of sur-
face primary productivity and dissolved oxygen concentration in the formation of the pre-

Hirnantian black shales.

4.1 Simulating the late Katian marine primary productivity

Figure 3A displays the NPP simulated using a solar forcing level of 350 W.m™2, to-
gether with the individual contributions of phosphate concentration (Fig. 3B, 3"¢ term in
Eq. 1) and photosynthetically active radiation (Fig. 3C, 2" term in Eq. 1) in the simulated
NPP. While the limitation in PO4 (Fig. 3B) is the main driver of the primary productivity
pattern (Fig. 3A), the availability of light imposes a hemispheric-scale decrease of the pro-

ductivity with latitude (Fig. 3C).

The distribution of PO4 (Fig. 3B) in the surface waters is controlled by the large-scale
pattern of vertical velocities just below the surface of the ocean, which are dominated by Ek-
man pumping/suction [Ekman transport, Ekman, 1905]. (i) Along the equator, the Trade
Winds induce the divergence of the ocean water masses, resulting in equatorial upwelling

(Fig. 3D, see also Fig. 4). These equatorial winds further drive offshore Ekman transport
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Figure 3. Analysis of the patterns of marine primary productivity and oxygen concentration simulated
using the 440 Ma land-sea mask and a solar forcing level of 350 W.m™2. (A): Surface primary productivity.
White and red dots respectively stand for sediments o_fllggtian age associated with dysoxic-to-oxic and at least
intermittently anoxic conditions (i.e.,black shales, including interbedded black shales), after the compilation
of Melchin et al. [2013]. (B): Contribution of surface phosphate concentration to the primary productivity

(3”4 term in Eq. 1). (C): Contribution of the PAR to the surface primary productivity (2"¢ term in Eq. 1).
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along the western margin of the tropical continental masses, i.e., Laurentia, South China-
Annamia and the Gondwana, allowing cold, nutrient-rich water to upwell from the deep
ocean (Fig. 3D ; see Fig. 1 for the name and location of each continent). An intense sur-
face primary productivity is therefore simulated at these latitudes (Fig. 3A). (ii) Low levels
of phosphate concentration are simulated around 30° S and 30° N (Fig. 3B). Between the
Trades, at tropical latitudes, and the Westerlies, at the mid-latitudes, the ocean realm cen-
tered on 30° N/S is typified by the convergence and sinking of low-phosphate surface waters
(Fig. 3D). This corresponds to the poleward edge of the tropical cells of the oceanic over-
turning circulation (Fig. 4D). In the Paleo-Tethys, between eastern Baltica and the western
coast of Gondwana (Fig. 5A), the downwelling of surface waters further combines with a
strong freshwater flux from the continent (Fig. 5B,C), forming a zone of minimum phos-
phate concentration (Fig. SA) and thus minimum primary productivity (Fig. 3A). In detail,
moisture-laden air masses originating from the Paleo-Tethys are conveyed by the Westerlies
to the western coast of Gondwana. Further inland, intense orographic precipitation occurs
and the amount of liquid water exceeding the field capacity of the soil is delivered to the
ocean (Fig. 5C), where the freshwater flux induces a strong dilution of both salinity (Fig.
5B) and phosphate (Fig. SA). It is noteworthy that, using the same paleogeography but an-
other ocean-atmosphere general circulation model employing an explicit routing scheme for
runoff and a more sophisticated atmospheric component [FOAM, Jacob, 1997], Pohl et al.
[2016a] simulated very similar regional patterns of runoff and freshwater input to the ocean
(Fig. S3). In addition, most Ordovician paleogeographical reconstructions seem to concur
regarding the presence of highlands over Gondwana at these latitudes, that are likely to pro-
mote intense precipitation and runoff along the western coast of the supercontinent [Blakey,
2016; Scotese, 2016]. (iii) Between 40° and 60°, the Westerlies drive an equatorward Ek-
man transport and deep-water upwelling (Fig. 3D). The dynamical regime of the Northern
high-latitudes Ordovician is similar to that seen in the present-day Southern Ocean with its
Antarctic Circumpolar Current [Marshall and Speer, 2012, see Fig. 4]. As a consequence
phosphate-rich waters are brought up to the ocean surface (Fig. 3B) where they fuel the sur-
face primary productivity (Fig. 3A). (iv) Whereas the Northern Hemisphere polar latitudes
(60°-90°) are dynamically isolated from the global ocean (Fig. 4B) and thus depleted in nu-
trients (Fig. 3B), the Southern high-latitudes are typified by a strong nutrient supply (Fig.
3B). The latter spatially correlates with a deep mixed layer (Fig. 5D,E) and results from the

intense deep convection and intense vertical exchange with nutrient-rich deep waters along
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the northern margin of Gondwana (Fig. 4B). The location of this zone of intense convection
is supported by previous studies [e.g., Herrmann et al., 2004, see also Fig S4]. In the South-
ern Hemisphere, combined imprints of the Westerlies (at the mid-latitudes) and of deep-
water convection (at polar latitudes) result in a large zone of nutrient-rich waters extending
from ~ 40° S to the South Pole (Fig. 3B). Over the Pole along the coast of Gondwana, how-
ever, the high levels of phosphate concentration do not directly translate into intense primary

productivity (Fig. 3A) because of the limited incoming solar radiation (Fig. 3C).

4.2 Black shale deposits and the redox state of the ocean

Comparison of the patterns of simulated primary productivity with the database of
Melchin et al. [2013] (Fig. 3A) reveals an interesting match between high-productivity ar-
eas (low-productivity areas) and geologically-testified preservation of black shales (oxic de-

posits). This correlation is summarized with boxplots in Fig. 6A.

We seek to determine whether the difference between the primary productivity sim-
ulated at localities typified by the deposition of black shales on the one hand, and typified
by oxic conditions on the other hand (after Melchin et al., 2013; see Fig. 3A and Fig. 6A), is
significant from a statistical point of view. We choose the Wilcoxon-Mann-Whitney test [R
Core Team, 2013]. This is a basic nonparametric test of the null hypothesis that the two sam-
ples come from the same population (HO: levels of primary productivity simulated where
black shales are preserved do not significantly differ from the values simulated where oxic
deposits are documented). The alternative hypothesis is that a particular population tends
to have larger values than the other (H1: primary productivity in the model is significantly
higher where black shales are preserved than they are at oxic localities). Unlike the #-test,
the Wilcoxon-Mann-Whitney test does not require the assumption of normal distributions,
which is crucial in our study given the limited number of Ordovician observations in Melchin
et al.’s (2013) database. The result of the test is expressed as a p-value. If the p-value is less
than the significance level chosen (e.g., p-value < 0.05), then the test suggests that the ob-
served data is inconsistent with the null hypothesis, so the null hypothesis HO must be re-
jected and the alternative hypothesis H1 accepted: the two samples do not come from the

same population.

The Wilcoxon-Mann-Whitney test confirms that the two samples — the black shales

and oxic deposits, red and white data points in Fig. 3A — represent two populations charac-
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(B): 350 W.m2; (C): 345 W.m™2 and (D): 344 W.m™2. The streamfunction is computed as the sum of the

Eulerian and eddy-induced circulations. The contour interval is 2.5 Sv (Sverdrup, 1 Sv = 100 m3.s7h). A

negative (blue) streamfunction corresponds to an anticlockwise circulation. Results from the two end-member

model runs conducted at 355 W.m~2 and 344 W.m 2 are shown here to highlight the deepening trend in

the meridional overturning streamfunction. They are not discussed in the main text. Main patterns of the

simulated overturning streamfunction are in agreement with previous studies of Poussart et al. [1999] and

Herrmann et al. [2004].
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Figure 5. Analysis of the patterns of mean annual, surface phosphate concentration simulated using the
440 Ma continental land-sea mask and a solar forcing level of 350 W.m 2. (A): PO4 concentration in the
Paleo-Tethys. (B): Ocean surface salinity in the Paleo-Tethys. (C): Near-surface winds (vectors) and conti-
nental runoff (shading) simulated in the same region. The pink contour delimits the watershed associated

with the outlet constituted by the points highlighted with the dashed white line in subplot B, which corre-
spond in turn to a zone of minimum of salinity. Grid points with no vectors are mountainous areas. Runoff
here refers to the amount of water that is transferred from the continental grid points to the ocean (no routine
scheme is implemented in this configuration of the model, see Sect. 2.1.1). (D): South-polar projection map
of surface phosphate concentration. Laurentia is shown on top of the map. (E): South-polar projection map of

mixed-layer depth.
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Figure 6. Boxplots of primary productivity at the ocean surface (A), and oxygen concentration at the depth
of the epicontinental seas (80 m) (B), simulated using the 440 Ma land-sea mask and a solar forcing level of
350 W.m™2 at each Katian data point from Melchin et al. [2013]. For statistical analysis, points are gathered
into samples depending on whether sediments were deposited under oxic (“oxic dep., all”’) or anoxic condi-
tions (“black shales™), after Melchin et al., 2013 (white and red dots in Fig 3A, respectively). Oxic sediments
situated around Baltica (see “Baltica” in the legend) and along the margin of Gondwana (“N. Gond.”) are
further extracted for dedicated investigation. The group gathering all the n=20 “oxic deposits” points therefore
includes the n=8 data points around Baltica, plus the n=170 data points situated along the northern margin

of Gondwana and the two points between South China and Annamia (i.e., the two outliers in subplot A, see
Fig. 3A). The box represents the inter-quartile range (or /QR, i.e., distance between the first and the third
quartiles) and the band inside the box is the second quartile (i.e., the median). The upper and lower whiskers
respectively extend from the box to the highest (lowest) value that is within 1.5 % IQR beyond the box edges,

and data beyond the end of the whiskers (circled in red) are outliers, following Tukey [1977].
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terized by significantly distinct levels of primary productivity (p-value: 6.53 x 107 < 0.05,
HO is rejected). Three different sets of points can be distinguished within the oxic data points
reported by Melchin et al. [2013]. The first group is composed of the two outliers deduced
from Fig. 6A. They correspond to the two points located in the high-productivity area along
the western coast of South China and Annamia (Fig. 3A). Other data points can be gathered
into two groups depending on whether they belong to the cluster of points situated around
Baltica or along the northern margin of Gondwana (Fig. 3A). Interestingly, both clusters
seem to be relatively similar to each other (Fig. 6A), and a Wilcoxon-Mann-Whitney test
confirms that they come from the same statistical population (p-value: 0.762 > 0.05, HO is
accepted). It appears that the correlation between low marine productivity and oxic deposi-

tion is relatively strong, except for the two outliers highlighted previously.

At the depth of the epicontinental shelves, the oxygen concentration increases from the
equator to the poles (Fig. 3E). This gradient reflects the higher solubility of oxygen in cold
waters. Superimposed on this purely thermal effect is the imprint of ocean dynamics. The
western margin of the equatorial continental masses, in particular, is washed by oxygen-poor
waters upwelling from deeper parts of the ocean. Because they are rich in nutrients, these
waters promote regional primary productivity (Fig. 3A), which in turn increases remineral-
ization in the water column and thus enhances oxygen depletion at depth. Geological evi-
dence for organic matter preservation spatially correlates with oxygen levels that are, in the
model, significantly lower than those simulated at oxic localities (Figs. 3E and 6B, p-value:
0.0016 < 0.05 for the two-sided Wilcoxon-Mann-Whitney test). However, the points associ-
ated with conditions of oxic sedimentation actually include two significantly contrasting pop-
ulations (p-value: 4.571 x 107> < 0.05): the points clustering along the coast of Gondwana
are typified by high oxygen levels, whereas the points around Baltica do not significantly dif-

fer from the “black shale” population (Fig. 6B, p-value: 0.075 > 0.05).

4.3 Sensitivity to the pO;

The regions where black shales are preserved in the Katian sedimentary record [Melchin
et al., 2013] correlate well with the areas of high surface primary productivity simulated un-
der a warm climate representative of pre-Hirnantian conditions. Conversely, the preservation
of sediments testifying of oxic depositional settings is documented in regions where the sim-
ulated primary productivity is low. The spatial correlation between geological proxies of

ocean redox state and simulated oxygen concentration is less obvious. These results suggest
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that the spatial distribution of the black shales deposited during the Katian may have been
mainly driven, at a global scale, by surface primary productivity levels rather than variations

in dissolved oxygen concentration.

Nevertheless, when it is run on the present-day continental configuration, our model
simulates, over extended areas that are devoid of black shales today, levels of surface primary
productivity that reach the values associated with the deposition of black shales during the
Katian (Fig. S5). This points to major differences between the Ordovician and present-day
oceans, that would have augmented the potential for organic matter burial in the Early Paleo-

Zoic.

Biogeochemical models and inversion methods notably indicate that the pO, was sig-
nificantly lower in the Ordovician, probably between 0.2 and 0.8 times the present-day levels
[Bergman et al., 2004; Berner, 2006; Algeo and Ingall, 2007; Berner, 2009; Lenton et al.,
2016]. Sensitivity tests confirm that atmospheric oxygen levels in this range significantly
reduce the oxygenation of the ocean at the depth of the epicontinental seas in the model
(Fig. 7; see also Fig. S6 for depth profiles over the whole water column). Between 0.4 and
0.2 PAL O,, the tropics exhibit low concentrations of dissolved oxygen (< 75 umol.L™")
that would significantly reduce the rate of degradation of the settled organic matter (Fig. 7D-
E). The absence of charcoal in the Ordovician sedimentary record further suggests that the
pO, was sufficiently low as to prevent the sustained combustion of plant material [< 13 %,
Chaloner, 1989; Algeo and Ingall, 2007], supporting the lowest estimates from the pO, range
above. With a pO, set to 0.2 times the present-day level, the ocean oxygen content drops be-
low 50 umol.L~! over virtually the entire ocean realm, except in the Northern Hemisphere
highest latitudes and at the location of deep-water formation in the Southern Hemisphere

(Fig. 7E).

We argue that the lowered Early Paleozoic pO; (< 0.4 PAL O,, Fig. 7), combined with
exceptionally vast shallow-water environments [Walker et al., 2002] resulting from the high-
est sea level during the whole Paleozoic Era [Haq and Schutter, 2008], largely predisposed
the Ordovician ocean to organic matter preservation. Our results suggest that, in this par-
ticular context, the deposition of black shales in tropical settings may have been driven by
the patterns of surface primary productivity. Our simulations also imply that the two data
points characterized by unexpected oxic depositional settings in South China — the two out-

liers highlighted in Fig. 6A, points No. 25 and No. 26 from Melchin et al. [2013] — may re-
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504 Figure 7. Sensitivity test to the pO;: oxygen concentration simulated at the depth of the epicontinental seas
505 in the model (80 m), using the 440 Ma land-sea mask, a solar forcing level of 350 W.m~2 and an atmospheric
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flect local redox conditions typifying basins that were at least partially disconnected from the

open ocean.

5 The Hirnantian glacial pulse

The latest Ordovician Hirnantian is characterized by a sudden drop in tropical SSTs
[Trotter et al., 2008; Finnegan et al., 2011]. It represents the climax of the Ordovician glacia-
tion [Page et al., 2007; Finnegan et al., 2011; Pohl et al., 2016b]. The compilation of Melchin
et al. [2013] reports a worldwide change to more oxygenated depositional settings at this
time. In order to investigate the mechanisms driving this possible mid-Hirnantian oceanic
oxygenation event, we here study the response of Ordovician marine biogeochemistry to cli-

mate cooling.

5.1 Response of the ocean redox state to climate cooling

For these experiments, we lower the incoming solar radiation in order to simulate a cli-
mate cooling (from 350 W.m™2 to 345 W.m2, see Sect. 3). As a consequence tropical SSTs
drop from 32.5 to 29.2 °C (Fig. 2A). This also artificially induces a slight (ca. —1.5 %) de-
crease in simulated net primary productivity, through a drop in photosynthetically available

radiation, following Eq. 1.

Climate cooling does not critically impact the first-order patterns of simulated primary
productivity (Fig. 8 A). The prominent change accompanying the drop in temperature is the
increase in oxygen concentration throughout the water column (Fig. 8B). The latter results
from two main mechanisms. First, oxygen solubility in ocean water increases with decreas-
ing temperature. A straightforward effect of this is a more intense air-sea exchange of oxygen
at the ocean surface in the coldest simulation. This directly affects the first tens of meters of
the water column, the so-called mixed layer, and then the deeper layers as currents and mix-
ing processes carry the enhanced surface oxygenation in the ocean interior (Fig. 8B). Second,
the meridional overturning circulation intensifies and deepens (compare Figs. 4B and 4C)
in response to climate cooling and associated sea-ice spread (Fig. 2B), thus enhancing the
ventilation and the oxygenation of the deep ocean. Interestingly, the oxygenation of the deep
ocean is not uniform in space. As shown in Figs. 8C and D, the increase in ocean bottom
oxygen concentration reaches its maximum where Ordovician deep waters form (see Fig.

5E). On the contrary, the water masses that sink along the northern margin of Gondwana do
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not enter the Paleo-Tethys realm, which is virtually isolated from the global ocean. This area
is characterized by low oxygen levels in the 350 W.m~2 model run, with a global minimum
located over South China-Annamia (Fig. 8C). When solar forcing is decreased, the whole
Paleo-Tethys displays a very limited pO; increase (Fig. 8D). Results of additional simulations
using a pO; reduced to 0.4 times the present-day value (see Sect. 4.3) confirm that it is dif-
ficult to reach deep-ocean anoxia during the Hirnantian (Fig. S7). While most of the ocean
bottom is suboxic to anoxic under Katian climatic conditions (i.e., dissolved oxygen levels
below 25 umol.L™1), deep-ocean oxygen values stay above 25 umol.L~! everywhere, except

in the Paleo-Tethys, under Hirnantian conditions (i.e., solar forcing dropped to 345 W.m™2).

Our simulations do not account for the drop in continental weathering that should ac-
company climate cooling [Le Hir et al., 2009; Beaulieu et al., 2012]. The latter would be at
least one order of magnitude higher than the ~ 1.5 % decrease in PAR associated with the
lower solar luminosity used to simulate Hirnantian climate, thus further reducing modeled
net primary productivity and strengthening the oxygenation of the water column through de-

creased remineralization.

5.2 Discussion: the Hirnantian oxygenation event

The sediments preserved in relatively shallow environments record a worldwide shift
from less oxygenated to more ventilated depositional settings during the Hirnantian [Melchin
et al., 2013], which is consistent with the general oxygenation trend accompanying climate
cooling in our runs. The redox state of the ocean interior, however, remains the subject of
hot controversy. Depending on the proxies, the Hirnantian ocean is described as undergoing
vigorous sea floor oxygenation [Armstrong and Coe, 1997; Page et al., 2007; LaPorte et al.,
2009; Zhou et al., 2012; Melchin et al., 2013], or deep-water anoxia [Brenchley et al., 1994;
Hammarlund et al., 2012; Zhang et al., 2009]. Such uncertainties are, at least partly, rooted
in the intrinsically lacunar nature of the Early Palacozoic sedimentary record. Due to the lack
of preservation of pre-Mesozoic ocean bottom sediments [Cramer and Saltzman, 2007a],
deep-ocean redox conditions must be reconstructed based on ocean proxies preserved in shelf
or slope settings [Hammarlund et al., 2012; Melchin et al., 2013]. The possibility of an Hir-
nantian deep-water oxygenation event [Zhou et al., 2012] is supported by geochemical data.
LaPorte et al. [2009] and Melchin et al. [2013] notably report a positive & I5N excursion, that
they interpret as a decreased contribution of cyanobacterial N fixation to the phytoplankton

productivity, representative of a more oxygenated ocean during the glacial pulse. Based on
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the analysis of various redox proxies of the ocean, Zhou et al. [2012] further suggest that the
Ordovician-Silurian transition is characterized by persistent basinal anoxia, with the excep-
tion of an intense oxygenation event during the Hirnantian. On the contrary, Zhang et al.
[2009] and Hammarlund et al. [2012], although they agree on the oxic nature of the shallow-
water deposits during the Hirnantian, document a positive excursion in the stable isotope
compositions of sedimentary pyrite sulfur (§34S pyr; see also Yan et al., 2009), that they ex-
plain by enhanced burial rates of pyrite in the context of deep-water anoxia during the same
period of time. Interestingly, Jones and Fike [2013] recently rejected this theory based on
new paired sulfate-pyrite 5>*S data from Anticosti Island. In their geochemical record, they
observe the positive enrichment in §3*S pyr previously reported by Hammarlund et al. [2012]
and Zhang et al. [2009], but no parallel excursion in carbonate-associated sulfate (63*Sc as).
Based on geochemical modeling, they demonstrate that an increase in pyrite burial strong
enough to generate a sulfur isotope excursion during the Hirnantian would necessarily induce
a parallel excursion of equal magnitude in the isotopic composition of coeval marine sulfate.
The absence of such parallel excursion in their §3*S¢ a5 record therefore preclude enhanced
pyrite burial as the cause of the Hirnantian §3*S pyr €xcursion. Results from our general cir-
culation model suggest that the climate cooling associated with the Hirnantian glacial pulse
induces an increase in oxygen concentration throughout the water column. They support the
visions of a better-ventilated Hirnantian deep ocean [Melchin et al., 2013; LaPorte et al.,

2009; Zhou et al., 2012; Jones and Fike, 2013].

The hypothesis of a well-oxygenated Hirnantian ocean brings crucial insights into the
mechanisms that possibly drove the turnovers in marine living communities reported for that
time period. The Late Ordovician extinction is one of the “big five”” mass extinctions that
punctuated the Phanerozoic [Servais et al., 2010], with the disappearance of about 85 % of
all marine species [Sheehan, 2001; Harper et al., 2013a]. The coincidence of the two pulses
of the extinction event with respectively the onset and demise of the Hirnantian glacial max-
imum, suggests that these abrupt environmental changes caused the extinction [e.g. Shee-
han, 2001]. The precise underlying mechanisms, however, are still a matter of debate [Luo
et al., 2016]. While the global spread of anoxia, in the context of the post-glacial transgres-
sion, is generally admitted to explain the second pulse of the extinction [Harper et al., 2013a;
Melchin et al., 2013; Luo et al., 2016], a general consensus about the kill mechanisms im-
plied in the first phase of the event is still lacking [Harper et al., 2013a]. It is often consid-

ered that the global climate cooling and eustatic sea-level fall lead to a critical habitat de-
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struction [Sheehan, 2001]. The intensification in ocean ventilation may also have strongly
stricken the fauna adapted to the pre-glacial sluggish ocean circulation and associated ocean-
water chemistry [Berry et al., 1990]. Contrasting to this, however, Hammarlund et al. [2012]
and Zhang et al. [2009] recently proposed the development of deep-water anoxia as a pri-
mary kill mechanism during the first event of the faunal mass extinction. Based on the tem-
poral correlation between the enrichment of ocean water in harmful metals (potentially un-
der oxygen-depleted conditions) on the one hand, and high rates of plankton malformations
and extinction of marine species on the other hand, Vandenbroucke et al. [2015] further sup-
ported the role of anoxia as a dominant kill mechanism through the Ordovician-Silurian tran-
sition. Our findings suggest that the ocean was generally better ventilated during the Hirnan-
tian glacial event than it was before it, and do not support an Hirnantian oceanic anoxic event

as the primary cause for the first pulse of the Late Ordovician extinction.

We also note that some of the data on which the latter hypothesis is based come from
the margins of the Paleo-Tethys. This is notably the case for the samples of Zhang et al.
[2009], from South China, and for the Carnic Alps section of Hammarlund et al. [2012],
which was located along the northern margin of Gondwana during the Ordovician (Fig. 8C-
D). Similarly, the metal content measurements of Vandenbroucke et al. [2015] were con-
ducted on samples obtained from a well situated in the Libyan desert, on the northern mar-
gin of Gondwana, in a region that was washed by the waters from the Paleo-Tethys as well
(Fig. 8C-D). We showed that the Paleo-Tethys is characterized by a low sea-floor oxygenation
under a warm climate. We further demonstrated that, when a cooling is applied, this region
remains dynamically insulated from the global ocean. Here, the increase in ocean bottom
oxygen concentration is minimum. This particular Paleo-Tethysian context therefore suggests
that some of the data that served to the construction of the paradigm of an Hirnantian oceanic
anoxic event may be of regional significance. This hypothesis is supported by several geo-
chemical studies demonstrating that at least some of the trace metal accumulations measured
by Vandenbroucke et al. [2015] (Fe, Mo, Pb, Mn, Ba, As) are recorders of local rather than
global redox conditions [e.g., Hoffman et al., 1998; Algeo and Maynard, 2008; Och et al.,
2015; Owens et al., 2017].

6 The early Silurian Rhuddanian oceanic anoxic event

Following the mid-Hirnantian oxygenation event, the early Silurian represents the

worldwide spread of anoxia [Melchin et al., 2013]. While a return to a warmer climate, in
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the context of the Hirnantian deglaciation, may provide a valid explanation to the deposition
of black shales at tropical latitudes, we have shown previously that it would not explain the
preservation of organic-matter-rich deposits around Baltica and over the South Pole, along
the coast of Gondwana (Sect. 4.2). This requires additional mechanisms. So far, two main
theories have been proposed: (i) stratification of the water column and oxygen depletion at
depth, through the input of freshwater during the melt of the Gondwana ice-sheet [Armstrong
et al., 2005, 2009; Melchin et al., 2013], and (ii) increased primary productivity fueled by
the release of nutrients during the weathering of newly-exposed glaciogenic sediments expe-
riencing climate warming [Armstrong et al., 2005, 2009; Le Heron et al., 2013]. Below, we

use our general circulation model of the ocean to test each of these hypotheses.

6.1 Impact of a freshwater flux

The freshwater flux associated with the melt of the Gondwana ice sheet may have sig-
nificantly slowed down the formation of deep water over the South Pole, promoting water
column stratification, oxygen impoverishment and thus organic matter preservation at depth.
This scenario has been proposed to explain the deposition of black shales during the early
Silurian [Armstrong et al., 2005, 2009; Melchin et al., 2013]. It is also supported by recent
studies highlighting the critical role of ocean dynamics in the ventilation of the deep ocean
and thus in the likelihood that the Earth System may be affected by an oceanic anoxic event
[Donnadieu et al., 2016]. In models, increased freshwater fluxes to the ocean (e.g. from ice-
sheet melting) often result in a significant weakening of the overturning circulation. This
effect can be associated with an hysteresis behavior, whereby the overturning does not fully
recover once the freshwater perturbation stops [Stommel, 1961; Rahmstorf, 1996, and many
others]. The impact of a freshwater flux on the Ordovician ocean circulation has never been

quantified, and such hypotheses remain essentially speculative so far.

Here, we build on numerous previous studies [see for example Kageyama et al., 2013,
and references therein] to conduct, for the first time, freshwater hosing experiments in the
Silurian. We restart our model from the mid-Hirnantian climatic steady-state (345 W.m2,
see Sect. 5) and we run a transient simulation, by (i) imposing a freshwater perturbation for
500 years, and (ii) integrating the model for 500 additional years once the freshwater per-
turbation stops. This allows us to investigate both the response of the ocean circulation to
a melt-water pulse, the duration of which is of the same order as the abrupt events of the

last glacial [Roche et al., 2004], and its potential recovery, once the perturbation has come
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to an end. While regions of melt water discharge have been the subject of comprehensive
investigation for the last deglaciation [Roche et al., 2009], virtually no constraints are avail-
able in the Ordovician. Freshwater can reach the open ocean at various locations, ranging
from the outlet of the rivers draining the glacial watersheds to icebergs melt zones [Roche

et al., 2009]. Given the large uncertainties in reconstructing both the topography of Gond-
wana [Blakey, 2016; Scotese, 2016] and its land-ice cover [Le Heron and Dowdeswell, 2009],
defining zones of preferential meltwater release seems elusive. In order to simultaneously
account for icebergs and coastal runoff from the Hirnantian ice-sheet, that possibly reached
30° S [Torsvik and Cocks, 2013; Pohl et al., 2016b], we impose a freshwater flux over a large
area extending from 40° S to the South Pole (see insert in Fig. 9A). We run simulations

for various values of the melt-water flux: 0.1, 0.5 and 1 Sv (1 Sv = 10° m?.s™!). Although
they are in the range that has usually been considered in water hosing experiments about the
last glacial (e.g., Prange et al., 2002 and Stouffer et al., 2006; see discussion in Roche et al.,
2004), these levels of melt-water release are one or two orders of magnitude higher than the
long-term average deduced from Hirnantian land-ice volume analysis. For instance, the eu-
static curve reconstructed by Loi et al. [2010], using a backstripping procedure on the margin
of Gondwana, shows a sea-level increase of ~ 70 m in 70 kyrs, equivalent to a melt-water
flux of ~ 0.015 Sv in the Ordovician. Although sudden glacial outburst events would prob-
ably not be captured by Loi et al. [2010], our higher meltwater flux rate (1 Sv) is two orders
of magnitude larger than the inferred average rate (0,015 Sv). Our simulations allow us to
characterize the response (and potential recovery) of the early Silurian ocean to a weaken-
ing of the deep-water formation along the coast of Gondwana over a large range of meltwater

fluxes.

Results are displayed in Fig. 9A. In the initial (undisturbed by freshwater) state (i.e.,
year 0 in Fig. 9A), two sites of particularly deep mixed layer stand out (red rectangles in Fig.
9C), with deep-water formation essentially occurring along the coast of Gondwana over the
South Pole (region No. 1 in Fig. 9C, see also Fig. 4C). When a freshwater flux is imposed,
the ocean circulation weakens, from an initial maximum (in absolute value) of ~ 25 Sv to ~
24, 15 and 7 Sv after 500 years of perturbation with respectively 0.1, 0.5 and 1 Sv (Fig. 9A).
A freshwater flux of 1 Sv, in particular, leads to a significant weakening of the circulation:
the mixed layer gets shallower at site No. 2 and deep-water formation at site No. 1 virtually
ceases (Fig. 9D), as testified by the lost of the Southern Hemisphere anticlockwise cell of

the overturning circulation (compare Fig. 4C with Fig. 9B). Elsewhere, the structure of the
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Figure 9. Results of the freshwater hosing experiments conducted at 345 W.m~2. (A): Evolution of the
intensity of the meridional overturning streamfunction as a function of model integration time for 3 values

of imposed freshwater flux: 0.1 Sv (light grey line), 0.5 Sv (dark grey line) and 1 Sv (black line). The in-
tensity of the streamfunction is computed, for each model year, as the maximum of the absolute value of the
mean annual meridional streamfunction between 500 m depth and the ocean bottom, and between 90° S and
30° S (red rectangle in subplot B). The insert in the bottom-right corner represents the area over which the
freshwater flux is applied. (B): Meridional overturning streamfunction averaged over the years 475 to 500

of the transient simulation with a flux of 1 Sv. The contour interval is 2.5 Sv. (C): Mixed-layer depth in the
unperturbed steady-state (~ year O in subplot A). (D): Mixed-layer depth averaged over the years 475 to 500 of
the transient simulation with 1 Sv. (E): Mixed-layer depth averaged over the years 975 to 1000 of the transient

simulation with 1 Sv.
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ocean circulation is unchanged. In particular, deep-water formation is not initiated elsewhere
in response to the collapse of the Southern Hemisphere cell. When the freshwater flux is

stopped the ocean circulation rapidly recovers, reaching 15 Sv after about 100 years (absolute
value, see Fig. 9A). After 500 years, it almost reaches its initial intensity, and the two sites of

deep-water formation reappear (Fig. 9E).

Previous water hosing experiments conducted under pre-industrial and last glacial con-
ditions have shown that the initial climatic state may significantly impact the sensitivity of
the climate system to a release of freshwater [Ganopolski and Rahmstorf, 2001; Prange
et al., 2002; Kageyama et al., 2013]. In order to assess the robustness of our results under
various climatic conditions, we repeat the freshwater hosing experiments under a warmer cli-
mate (350 W.m~2, Fig. S8), and under an abrupt climate warming potentially representative
of the Silurian deglaciation (Fig. S9). In both cases, the ocean circulation rapidly recovers

when the release of melt water stops.

6.2 Impact of an increased nutrient supply to the ocean

Weathering of sediments exposed in formerly glaciated regions, promoted by global
climate warming, may have favored the release of nutrients from the continents during the
deglaciation [Melchin et al., 2013]. This theory has been suggested in several published stud-
ies [e.g., Armstrong et al., 2005, 2009; Le Heron et al., 2013]. It is also supported by the
changes in clay mineral composition documented in the Kufra basin (Libya) by Meinhold
et al. [2015], who interpreted an increase in kaolinite content as probably representative of
enhanced continental weathering due to the climate change occurring from the Late Ordovi-
cian icehouse to the Silurian greenhouse. Similarly, Finlay et al. [2010] demonstrated an
increase in continental weathering concomitant with the deglaciation based on osmium iso-
tope analysis. The possible diversification of non-vascular land plants during the Hirnantian
[Vecoli et al., 2011] — the weathering effect of which has been demonstrated [Lenton et al.,
2012; Porada et al., 2016] — may also have constituted an additional source of nutrients to

the ocean during the early Silurian deglaciation [Melchin et al., 2013].

In this section, we therefore investigate the impact of an increased nutrient supply to
the ocean on the marine primary productivity and oxygen concentration simulated in a warm
climate (350 W.m™2, see Sect. 3). A two-fold increase in continental weathering flux is easily

reached under a warming climate [Le Hir et al., 2009; Beaulieu et al., 2012]. Once anoxic
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conditions are established, higher phosphate content can be further sustained through phos-
phorus regeneration from the sediment [Van Cappellen and Ingall, 1994; Palastanga et al.,
2011]. A first Silurian scenario considering an intensification of the continental weather-

ing by a factor of 1.5 shows a strong increase in net primary productivity at the global scale
(Fig. 10A). Levels of primary productivity allowing the deposition of black shales during
the Katian (see Sect. 4, Fig. 3A in particular) are reached at all the localities reported by
Melchin et al. [2013], except two of them found on the margin of Gondwana in the Paleo-
Tethys. Based on the same criteria, a doubling nutrient supply provides a perfect model-
data agreement (Fig. 10B). In detail, a doubling phosphate supply does not impact the val-
ues of surface primary productivity evenly in space, but induces significant changes in the
spatial patterns (compare Fig. 11A with Fig. 3A). This is due to a large increase in the re-
gions of previously minimum primary productivity (Fig. 11B), resulting from the saturat-
ing Michaelis-Menten kinetics used in the parametrization of NPP (Eq. 1). The maximal
increase occurs in the area between eastern Baltica and western Gondwana, which was previ-
ously typified by oxic deposits during the Katian (Fig. 11B, see Sect. 4.1). As a consequence
of the larger export of organic matter to depth, oxygen consumption by aerobic respiration
gets more intense throughout the water column, and the oxygen concentration decreases in
the ocean interior. At depth, the oxygen concentration decreases everywhere (Fig. 11C). The
latter decrease is minimum in the cold waters over the North Pole (thermal effect), and in re-
gions of deep water convection, which benefit from the input of oxygen-rich water masses
coming from the surface ocean (ocean dynamics effect). The decrease in oxygen water con-
tent is maximum in the Paleo-Tethys, that does not benefit from any of these two effects and
furthermore corresponds to the region of maximum increase in surface primary productiv-
ity (Fig. 11B). The impoverishment in dissolved oxygen is more moderate at the depth of the
epicontinental seas because the exchange with the oxygen-rich mixed-layer waters is impor-
tant (Fig. 11D). The largest decrease in oxygen content occurs with the upwelling of oxygen-
depleted waters from the oxygen minimum zone, at equatorial latitudes and also in place of

the Panthalassic Circumpolar Current in the Northern Hemisphere (Fig. 11D).

6.3 Discussion: the nutrient-driven Rhuddanian OAE

Two main arguments have been proposed to explain the early Rhuddanian OAE: re-
lease of melt water, salinity stratification and enhanced preservation of organic matter, or

leaching of the newly-exposed glaciogenic sediments and nutrient-driven increase in ma-
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Figure 10. Surface primary productivity simulated using the 440 Ma land-sea mask, a solar forcing level of
350 W.m~2 and an initial PO, depth profile defined as (A): 1.5 times the values used in the baseline runs and
(B): 2 times the values used in the baseline runs. White and red dots respectively stand for sediments of early
Silurian (Rhuddanian) age associated with dysoxic-to-oxic and at least intermittently anoxic conditions (i.e.,

interbedded black shales and black shales), after the compilation of Melchin et al. [2013]. See Fig. S2 for data

points labeling. Same color scale as Fig. 3A.
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Figure 11. Impact of a doubling nutrient (PO,4) stock on the primary productivity simulated at the ocean

surface, and on the oxygen concentration simulated throughout the water column. (A): Marine primary pro-

ductivity simulated using the 440 Ma land-sea mask, a solar forcing level of 350 W.m™2

and an initial POy

depth profile defined as twice the values used in the baseline runs. White and red dots after the compilation

of Melchin et al. [2013]. Same as Fig. 10B, with better-suited color scale. (B): Increase in surface primary

productivity simulated when doubling the nutrient stock in the ocean. (C): Increase in oxygen concentration

simulated at the ocean bottom when doubling the initial ocean phosphate concentration. (D): Increase in

oxygen concentration simulated at the depth of the epicontinental seas in the model (~ 80 m) when doubling

the nutrient stock. The increase in oxygen concentration does not exceed 3.4 umol.L~! anywhere.
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rine primary productivity. We first investigated the “melt water hypothesis” by imposing a
freshwater flux over the South Pole. Our simulations show that a limited water discharge
(0.1 Sv) has virtually no effect on the ocean circulation. A strong freshwater flux (0.5 - 1 Sv)
is required to induce the collapse of the latter. Such levels of water discharge over several
thousands of years cannot be realistically maintained. For comparison, such rates have been
associated with the melt-water pulses of the last glacial, and only over much shorter peri-
ods [e.g., Prange et al., 2002]. The question however remains [e.g., Melchin et al., 2013,

p- 1659] whether abrupt events of this kind — of a few hundred of years in duration [Roche
et al., 2004] — could explain the deposition of black shales for several hundred thousand
years in the early Silurian [Armstrong et al., 2009; Melchin et al., 2013]. In our model runs,
the Ordovician overturning circulation rapidly collapses when a strong (1 Sv) freshwater
flux is applied over the South Pole. However, once the flux is stopped, the ocean circulation
promptly recovers, in a few hundred years as well, without showing any evidence of hystere-
sis. Although glacial outbursts have been documented during the demise of the Hirnantian
ice-sheet, these events are supposed to have lasted several days to several years, with a 1-

40 kyrs recurrence period [Girard et al., 2012]. Therefore, such short-lived and occasional
melt water pulses are no valid explanation for the protracted oxygen depletion event typify-
ing the early Silurian ocean. We emphasize that some studies of the Last Glacial Maximum
propose that, under certain conditions, the overturning circulation may not recover after a
melt-water perturbation [Prange et al., 2002]. This is not the case in our simulations with the
Ordovician continental configuration. Our results suggest that the Late Ordovician-early Sil-
urian ocean circulation is mono-stable, at least in the (large) range studied here. Taken as a
whole, this suggests that the melt-water flux induced by the Late Ordovician deglaciation is
unable to exert a persistent effect on the ocean circulation and thus on the ocean redox state
at this time. Enhanced continental weathering constitutes the most probable driver for the
Rhuddanian OAE, endorsing the visions that nutrient supply may constitute the dominant
control on the spread of anoxia at various periods in the Earth’s history [see Monteiro et al.,
2012]. Our results therefore support the theory developed by Page et al. [2007] regarding
the long-term regulation of climate throughout the Early Paleozoic Ice Age. By favoring the
sequestration of carbon in deep-sea sediments, post-glacial anoxia may have drawn down at-
mospheric CO, levels and thus acted as a negative feedback mechanism preventing the onset

of runaway greenhouse conditions.
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However, results of water-hosing experiments are model-dependent [Stouffer et al.,
2006; Kageyama et al., 2013] and additional studies, in a warm climate, are needed before
drawing definitive conclusions on the mechanisms that potentially caused anoxia in the early

Silurian.

7 Model limitations and outlook

Modeling early Paleozoic climate and marine biogeochemistry involved some degree
of simplification regarding the boundary conditions and the numerical model, which poten-
tially affected our results. We discuss these limitations below in order to highlight key points

that should be investigated in follow-up studies.

7.1 Simplified atmosphere

The main limitation of our numerical model is the highly simplified atmospheric com-
ponent [SPEEDY, Molteni, 2003, see Sect. 2.1]. Given that the spatial distribution of sim-
ulated primary productivity essentially arises from the wind-driven ocean mixing processes
(i.e., Ekman transport, Sect. 4.1), we pose the question: “Is our simplified atmospheric model
able to correctly simulate wind stress at the surface of the Earth?" Despite the low verti-
cal resolution of SPEEDY (5 layers), the annually-averaged wind stress simulated over the
ocean is very similar to the one simulated using the FOAM model (Fig. S10). More impor-
tantly, the pattern of simulated NPP does not depend on the details of the surface winds, but
on the existence of alternating bands of winds (i.e., Trades in the tropics, jet stream in the
mid-latitudes, easterlies at high-latitudes). This feature is extremely robust across models,
suggesting that the patterns of simulated primary productivity constitute a robust result of

our study.

7.2 Boundary conditions: radiative forcing and flat bottom

Because the atmospheric component of our coupled model (SPEEDY) does not ac-
count for varying pCO; levels, we simulated different climatic states by varying the solar
forcing in the model (see Sect. 3.1). It has been demonstrated that a doubling pCO; is equiv-
alent to an increase by +3.7 W.m™2 in the net downward radiation at the top of the atmo-
sphere [Myhre et al., 1998]. However, it has also been shown that changes in the solar ir-

radiance and changes in atmospheric CO; concentration that are equivalent from a purely
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radiative point of view do not produce identical climatic responses. A large part of the differ-
ence arises from the seasonal pattern of solar forcing, as opposed to greenhouse-gas forcing.
Lunt et al. [2008] and Schmidt et al. [2012] notably simulated significantly different patterns
of precipitation and atmospheric surface temperature while trying to compensate a 4-fold in-
crease in pCO, with decreased solar input. Since precipitation (through its impact on ocean
salinity) and surface temperature are the two main drivers of the oceanic overturning circula-
tion and thus deep ocean ventilation, it would be interesting to test the impact of a more “re-
alistic” Ordovician forcing level [i.e., decreased solar luminosity, increased pCO5;, see Her-
rmann et al., 2003, 2004; Pohl et al., 2014] on the oxygenation state of the ocean throughout
the Ordovician-Silurian transition.

Similarly, we have not discussed the impact of the orbital configuration on simulated
climate. By changing both the spatial and temporal distribution of the solar energy received
at the surface of the Earth (for a given solar constant value), the orbital configuration may
also have a strong climatic impact, potentially reinforced by the powerful sea-ice feedback.
Unfortunately, the chaotic evolution of the orbits prevents a precise determination of the
Earth motion beyond 65 Ma [Laskar et al., 2004], so that no accurate orbital solution is
available in the Ordovician. Future studies could address this issue through sensitivity tests
to the orbital parameters (i.e., eccentricity, obliquity, precession).

In our study, we defined the Ordovician deep-ocean bathymetry as a flat bottom. We
think that this constitutes the most conservative choice because the location and depth of
early Paleozoic mid-ocean ridges is essentially speculative. Nonetheless, ocean ridges may
alter our results. They could block deep-ocean currents and therefore promote isolation of
ocean basins, while at the same time enhancing vertical mixing and topographic steering of
the currents [e.g., Gille et al., 2004]. These simultaneous, opposite effects make the overall
ocean response difficult to predict. However, we do not think that the flat bottom constitutes
a strong bias since several modeling studies on the Permian-Triassic boundary demonstrated
a minor impact of ocean ridges on both the global large-scale ocean circulation and simu-

lated bottom oxygen concentration [Montenegro et al., 2011; Osen et al., 2012].

7.3 Marine biogeochemistry

Our biogeochemistry submodel provided very new insights into the spatial distribution
of primary productivity and dissolved oxygen concentration during the Ordovician. Still,

some aspects of the modeling could be substantially improved.
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First, no nutrient fluxes from the continent are used. A stock of phosphate is defined at
the beginning of the simulation and riverine input is not considered. A direct consequence
is that the flux of freshwater to the ocean provided by continental runoff dilutes ocean water
in the model and therefore leads to a decrease in net primary productivity, whereas it could
theoretically promote NPP through the input of erosion-derived nutrients. Second, sedimen-
tation is not allowed in the model, precluding any explicit diagnostic of organic matter burial.
Still, we realize that coupling a sediment model with a GCM is challenging. This would re-
quire specific modeling strategies such as asynchronous coupling methods in order to deal
with the very long time constant associated with the sediments.

Here we simulated the changes in the patterns of potential Late Ordovician-early Sil-
urian marine biomass productivity, in response to climate changes. The Ordovician-Silurian
transition, however, is also characterized by fundamental turnovers in marine living commu-
nities (i.e., biodiversity), that may have regionally modulated the potential for surface pri-
mary productivity [e.g., Kemp and Baldauf, 1993] and thus massive organic matter burial
[e.g., Kemp et al., 1999]. Following the appearance of numerous phyla during the Cambrian
Explosion [e.g., Zhuravlev and Riding, 2001], the Early and Middle Ordovician record their
rapid diversification, at all taxonomic levels, during the “Great Ordovician Biodiversification
Event" (GOBE, Webby et al., 2004). This radiation is subsequently stopped by the Late Or-
dovician mass extinction, when ~ 85 % of all marine species disappear [Sheehan, 2001]. The
Silurian eventually records a relatively rapid post-crisis recovery [Servais et al., 2010]. The
model employed in this study does not capture such variations in marine paleobiodiversity.
Over the last decades, biogeochemistry models of the ocean continuously increased in com-
plexity, by resolving more and more processes and by handling a growing number of species.
Still, most up-to-date models only resolve a few phytoplankton functional types — such as di-
atoms, coccolithophores and nitrogen fixers — that correspond to aggregates of many modern
species characterized by common biogeochemical requirements [e.g., Aumont et al., 2015].
The physiological traits of these functional types are estimated from sensing, in-situ oceanic
measurements, and laboratory culture experiments [Anderson, 2005]. In other words, these
models are optimized for the present-day pelagic ecosystem, and cannot simulate the changes
of the marine biodiversity seen in deep-time slices. However, recent developments in ma-
rine ecosystem models explore representations based on the principle that the community
structure should self-organize, by selecting for phytoplankton with “fittest” physiological

characteristics relative to surrounding environment [Litchman et al., 2007; Follows et al.,
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o7 2007]. In this approach, tens or hundreds of phytoplankton types with various combinations

938 of observation-based ecological strategies and physiological traits are carried in the model,

939 and allowed to compete for the available resources. Such models mimic natural selection and
940 satisfactorily simulate the first-order patterns of present-day marine biodiversity [e.g., Bar-

o1 ton et al., 2010]. We suggest that this kind of versatile marine ecology models may constitute
042 suitable tools to further the present, exploratory study of the co-evolution of climate and the
043 biosphere during the Early Paleozoic. This constitutes a future research target.

044 8 Conclusions

945 In this study, we employ an ocean-atmosphere setup of the MIT general circulation

946 model (MITgcm) to investigate the changes in ocean redox state reported through the Ordovician-
a7 Silurian boundary. Our model accounts for marine primary productivity and cycling of oxy-
048 gen in the ocean. We compare our modeling results with the recent black shale compilation

949 of Melchin et al. [2013]. We show the following:

950 1. Under a warm climate representative of pre-Hirnantian times, our model does cap-

o5t ture the spatial distribution of organic matter burial reported during the late Katian.
952 Our results suggest that, under a reduced atmospheric oxygen partial pressure and

953 thus reduced ocean oxygen content, the deposition of black shales in the Late Ordovi-
954 cian may have been driven by the patterns of surface primary productivity rather than
985 deep-ocean oxygenation. We propose that the late Katian may therefore constitute

956 an outstanding window into the Late Ordovician-early Silurian unperturbed oceanic
957 redox state, and that any deviation from this should be considered as evidence of cli-
958 matic perturbation or specific basinal conditions and insulation from the open-ocean.
959 2. When a climate cooling is applied, combined effects of preferential oxygen dissolu-
960 tion in cold waters and enhanced oceanic overturning induce a significant oxygena-
961 tion throughout the water column, providing support for an “Hirnantian oxygenation
962 event". These results contrast with some recent studies invoking an Hirnantian deep-
963 water anoxic event to resolve both the positive carbon excursion reported at this time,
964 through massive organic carbon burial, and the concomitant Late Ordovician mass ex-
965 tinction, through the release of toxic metals under suboxic conditions. If evidence of
966 deep-water anoxia during the Hirnantian should be discovered in the future [Vanden-
967 broucke et al., 2015], mechanisms other than climate cooling should obviously be in-

—-38—



968

969

970

972

973

974

975

976

977

978

979

980

982

983

984

985

986

987

988

voked to explain it. Such mechanisms should have a large enough effect to overcome
the increased solubility.

3. In our model runs, the input of freshwater over the South Pole is not able to sustain a
state of low oceanic ventilation over sufficiently long geological periods to produce
the record of early Silurian anoxia. Enhanced continental weathering and nutrient
input to the ocean satisfactorily account for the preferential deposition of black shales

at that time.
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